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ABSTRACT 1 
 2 

Since the middle of the last century, global surface air temperature exhibits an increasing trend, 3 

with nocturnal temperatures increasing at a much higher rate. Proposed causative mechanisms 4 

include the radiative impact of atmospheric aerosols on the nocturnal boundary layer (NBL) 5 

where the temperature response is amplified due to shallow depth and its sensitivity to potential 6 

destabilization.  A one-dimensional version of the Regional Atmospheric Modeling System 7 

(RAMS) is used to examine the sensitivity of the nocturnal boundary layer temperature to 8 

surface longwave radiative forcing (SLWRF) from urban aerosol loading and doubled 9 

atmospheric carbon dioxide concentrations, for typical mid-latitude nocturnal boundary layer 10 

case days from the CASES-99 field experiment.  The analysis is further extended to urban sites 11 

in Pune and New Delhi, India.  For the cases studies, locally the nocturnal SLWRF from urban 12 

atmospheric aerosols (2.7 – 30 W m-2) is comparable or exceeds that caused by doubled 13 

atmospheric carbon dioxide (3 W m-2), with the surface temperature response ranging from a 14 

compensation for daytime cooling to an increase in the nocturnal minimum temperature.  The 15 

sensitivity of the NBL to radiative forcing is approximately four times higher compared to the 16 

daytime boundary layer.  Nighttime warming or cooling may occur depending on the nature of 17 

diurnal variations in aerosol optical depth (AOD).  Soil moisture also modulates the magnitude 18 

of SLWRF, decreasing from 3 W m-2 to 1 W m-2 when soil saturation increases from 37% to 19 

70%. These results show the importance of aerosols on the radiative balance of the climate 20 

system. 21 
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1 Introduction 22 

Surface air temperature observations in the last century show a clear trend of  23 

nighttime minimum temperatures increasing at a rate twice that of the daytime maximum 24 

temperature except during the 1979-2004 time period when the rate of increase of both 25 

maximum and minimum temperatures are approximately the same [Dai et al. 1999; Karl 26 

et al. 1984, 1993]. This asymmetry in the trends of maximum and minimum temperatures 27 

have decreased the diurnal temperature range (DTR) over the land surface throughout the 28 

globe with the exception of weak increases in central Canada and southeastern Australia 29 

[Karl et al. 1993]. While the DTR decrease is present in every season, in most areas the 30 

largest decreases occur during the Northern Hemisphere Summer and Fall seasons. There 31 

is considerable debate regarding the mechanisms responsible for the DTR decrease 32 

[IPCC 2007; Dai et al. 1999]. Some suggested factors responsible for this increase 33 

include urban heat islands, greenhouse gases, clouds, land use changes, and tropospheric 34 

aerosols [Balling et al., 2003, Braganza et al., 2004a; Kalnay and Cai, 2003; Pielke et 35 

al., 2007; Zhou et al., 2007]. Heat island effects would initially appear to be a viable 36 

mechanism because minimum temperatures are more susceptible to urban thermal inertia. 37 

However, DTR climate trend analyses often attempt to remove these urban effects [Karl 38 

et al., 1984]. 39 

Global Circulation Model (GCM) sensitivity studies show that increased 40 

concentration of greenhouse gases such as CO2 and CH4 also cause changes in DTR. 41 

However, comparative studies with state-of-the-art GCMs reveal differences in the 42 

magnitude and even the sign of DTR trends among the models. These studies also reveal 43 

large discrepancies between modeled and observed DTR trends [Karl et al., 1993]. Based 44 
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on these results, Karl et al. [1993] and Stone and Weaver [2003] concluded that the land 45 

surface parameterizations or physics in existing GCMs may not be robust enough to 46 

correctly capture the observed DTR signal. Walters et al. [2007] also proposed that the 47 

coarse resolution in GCMs may not correctly capture the sensitivity of the nocturnal 48 

boundary layer to either external forcing or parameters describing the land surface 49 

characteristics.  50 

Cloudiness trend is another factor that needs to be considered in interpreting 51 

observed DTR trends. Dai et al. [1999] examined the physical and statistical relationships 52 

of clouds, precipitation, and soil moisture in the First International Satellite Land Surface 53 

Climatology Project (ISLCP) Field Experiment (FIFE) data. They showed that clouds 54 

could change the DTR, and that soil moisture was less important than clouds. Using this 55 

evidence, and some historical measures of cloudiness trends, they concluded that 56 

cloudiness was the most likely cause of the DTR change. Hansen et al. [1995] showed 57 

that clouds were apparently the only adjustable GCM parameter that could damp the 58 

DTR to its observed magnitude. However, the GCMs often lack adequate vertical 59 

resolution in the nocturnal boundary layer (NBL) and do not include explicit treatment of 60 

aerosol microphysics. As will be shown in this paper, aerosols would provide a similar 61 

response signal to that of a change in cloudiness. Further, while cloudiness trends are 62 

uncertain, anthropogenic aerosol loading in the atmosphere has definitively increased in 63 

the last century [Ramanathan et al., 2001a].  Recently, [Kalnay and Cai, 2003] conducted 64 

a long-term reanalysis of modeled and observed data. This study showed that changes in 65 

land surface usage, including irrigation, contribute significantly to the observed DTR 66 

trends. Irrigation would have the expected effect of lowering daytime temperatures due to 67 
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evaporation, and raising nighttime temperatures due to the higher heat capacity of wet 68 

soils and well-hydrated vegetation. However, rigorous statistical verification of this 69 

mechanism would be difficult because surface moisture availability is not routinely 70 

measured. Moreover, the DTR has decreased in some areas where irrigation effects 71 

would be minimal, such as the eastern United States.  All in all, with the uncertainties in 72 

long-term cloudiness trends and the persistent deficiencies in GCM surface land 73 

processes, there is still considerable uncertainty in explaining the DTR trends.  74 

Increases in tropospheric aerosol concentrations have also been suggested as a 75 

significant factor in the DTR trends [Stone and Weaver, 2003; Braganza et al., 2004a, 76 

2004b; Makowski et al., 2008]. Makowski et al. [2008] attributes long-term trends in 77 

DTR mostly to modulation of incoming solar radiation through the direct and indirect 78 

aerosol effect. Most aerosol studies [IPCC, 2007] have concentrated on the direct 79 

radiative effect of aerosol scattering and the indirect effects of aerosols in clouds [see Yu 80 

et al., 2002 for a comprehensive review]. Both effects tend to increase the planetary 81 

albedo and reduce daytime temperatures. Recent global-scale aerosol studies [Koch et al., 82 

2007] have begun to demonstrate the importance of carbonaceous aerosols, especially 83 

elemental carbon (EC), to the atmospheric aerosol budget. EC aerosols serve as net 84 

warmers of the planetary boundary layer (PBL) and the free troposphere. This effect 85 

would counter aerosol cooling in the daytime and reduce surface cooling at night. 86 

Detailed reviews of aerosol measurement and modeling studies [IPCC, 2007] have 87 

concluded that the foregoing aerosol effects are potentially significant (with magnitudes 88 

comparable to the predicted warming from greenhouse gases), but also very poorly 89 
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understood (the magnitude of the net uncertainty is comparable to the aerosol effects; the 90 

sign is unknown). 91 

The majority of research studies on aerosol radiative interactions focus on the 92 

daytime interaction of aerosols with solar radiation through both direct and indirect 93 

pathways. However, there are relatively few studies that address the radiative impact of 94 

aerosols on the nocturnal boundary layer [Estournel et al., 1983; Garratt et al., 1990; 95 

Jacobson, 1997; Venkatram and Viskanta, 1977; Yu et al., 2002; Zdunkowski et al., 96 

1976]. Even though these studies address various aspects of aerosol radiative interaction 97 

with NBL, a systematic analysis that includes spatio-temporal variations of the NBL and 98 

aerosols is lacking.  Zdunkowski et al. [1976] conducted a detailed analysis of the impact 99 

of air pollution on PBL including the hygroscopic growth of aerosols. While the 100 

numerical modeling experiments of Zdunkowski et al. [1976] did not explicitly consider 101 

effects of diurnal asymmetries in atmospheric aerosol loading [diurnal variations in 102 

aerosol optical depth (AOD) resulting from changes in aerosol mass concentration, 103 

chemical composition, particle size, etc.], they noted that dense haze cover at nighttime 104 

following a clear day will lead to warming at the surface. Jacobson [1997] used a detailed 105 

air pollution modeling system to examine the impact of aerosols on the PBL, including 106 

the nocturnal effects. Even though the modeling system captured the diurnal variability of 107 

aerosol loading, the study did not focus on the role of nocturnal heating and DTR trends. 108 

It is the purpose of this study to investigate the response of the nocturnal boundary 109 

layer to longwave aerosol radiative forcing. Simple models [Pielke and Matsui, 2005] 110 

have indicated that due to the shallow nature of the nocturnal boundary layer under light 111 

winds, the temperature response to longwave forcing may be large.  Additionally, 112 
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Walters et al. [2007] showed that the forcing itself may change the boundary layer height 113 

causing a mixing of heat down from aloft. This mixing of heat from aloft acts as a 114 

multiplier effect to the direct warming due to the added radiation.  While both of these 115 

studies dealt with increases in downward longwave radiation into the surface from 116 

greenhouse gases, similar responses might be expected from downward longwave 117 

radiation to the surface from aerosols. Also, both of these studies employed simple 118 

models. Pielke and Matsui [2005] employed a semi-empirical analytical formulation that 119 

did not incorporate full nonlinear dynamics between the surface and the atmosphere. 120 

Walters et al. [2007], while including full nonlinear interaction with the surface, only 121 

employed a two-layer atmosphere. The present study will examine the response of a full 122 

nonlinear multi-level atmospheric model (a one-dimensional version of the Regional 123 

Atmospheric Modeling System - RAMS) to aerosol radiative forcing. The experimental 124 

design and description of the numerical modeling system used are described in section 2, 125 

while results, discussion of the analysis and conclusions are presented in sections 3, 4 and 126 

5 respectively.  127 

2 Methodology 128 

2.1 Experimental Design 129 

The primary goal of this study is to assess the immediate direct effect of surface 130 

longwave radiative forcing (SLWRF) from urban aerosols on nighttime surface air 131 

temperatures and gain an understanding of conditions and processes through which 132 

surface air temperature is impacted. Also of interest is to compare the impact of SLWRF 133 

from atmospheric aerosols to doubled atmospheric carbon-dioxide. This is achieved by 134 

conducting sensitivity analysis on typical cases of observed, stable nocturnal boundary 135 
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layer (SNBL) development using a one-dimensional version of RAMS. While this study 136 

is a sensitivity analysis, it is important to note that the experiments are based on a 137 

nocturnal boundary layer that has the physical attributes of observations. As noted by 138 

Steeneveld et al. [2006] and Walters et al. [2007], models often have difficulties 139 

capturing the dynamic range of boundary layer cooling at night due to anomalous 140 

numerical diffusion or profile formulations that preclude strong stability. Such models 141 

will not be sensitive in resolving the effects of relatively small perturbations in longwave 142 

radiation at the surface. Thus, this study adopts an experimental design where RAMS is 143 

used to simulate typical SNBL case study days of 21-22 October 1999 from the 144 

Cooperative Atmosphere-Surface Exchange Study [Poulos et al., 2002] held in 1999 145 

(CASES-99) near Leon, Kansas (37.65°N, 96.73°W) with the objective of improving the 146 

understanding of processes relevant to the SNBL. The days used in this study are typical 147 

SNBL case days that are the focus of other modeling studies [Steeneveld et al., 2006].  148 

The experimental design utilized in this study establishes the capability of the model to 149 

faithfully simulate these typical SNBL case days by comparing model simulations against 150 

detailed field observations of surface meteorology and energy fluxes collected during 151 

CASES-99. 152 

Sensitivity experiments are then conducted for these case days by modifying the 153 

validated control experiment (C1), by including radiative forcing from typical urban 154 

aerosols (U1) and doubled atmospheric carbon dioxide (X2, see Table 1 for description of 155 

all the experiments). Additional sensitivity experiments, U2 and U3 are conducted to 156 

examine the impact of diurnal variation in atmospheric aerosol loading, D1 to address the 157 

impact of other aerosol types on SNBL development, while C2 and U4 are used to 158 
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examine how soil moisture modulates the impact of aerosol surface radiative forcing on 159 

surface air temperature. 160 

The analysis is then extended to urban locations where detailed observations are 161 

not available for initialization and validation, but for which aerosol characterization is 162 

available.  The experiments U5 and U6, utilize urban aerosol composition characteristic 163 

of two urban sites in India, namely Pune [Panicker et al., 2008] and New Delhi [Singh et 164 

al., 2005] respectively, valid for the time period December 2004-January 2005 and April-165 

June, 2003 respectively. The U5 and U6 experiments are compared against C3 and C4 166 

which are experiments that are identical to U5 and U6, except for the assumption of clear 167 

air conditions in order to examine whether the results obtained for CASES-99 site is also 168 

applicable to other areas. 169 

Note that the experiments used in this study are not climate experiments since 170 

they do not look at the cumulative impact of either aerosols or greenhouse gases. Rather, 171 

they provide an examination of the direct sensitivity of NBL to these forcings. 172 

2.2 Description of RAMS 173 

This study utilizes RAMS, Version 4.4, modified to include radiative interactions 174 

of aerosols, to study the impact of aerosols on nocturnal boundary layer development. 175 

RAMS is a nonhydrostatic atmospheric model used to simulate a wide range of 176 

atmospheric phenomenon [Cotton et al., 2003] and utilizes finite difference 177 

approximations to solve conservation equations of mass, momentum, heat, and different 178 

water phases. Cloud and precipitation processes are represented in the model through 179 

either convective parameterization or explicit parameterization of cloud microphysics. 180 

RAMS provides a variety of options with varying sophistication for representing subgrid-181 
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scale turbulence.  Land surface processes are simulated using a multi-layer soil model 182 

and the Land Ecosystem Atmosphere Feedback (LEAF-2) model [Walko et al., 2000]. 183 

While radiative transfer schemes of varying complexity [Mahrer and Pielke, 1977; Chen 184 

and Cotton, 1983; Harrington et al., 1999] are available in RAMS, none account for 185 

radiative interactions with aerosols.  RAMS was modified to include a Delta four-stream 186 

radiative transfer scheme of Fu and Liou [1993], referred from hereon as FL-RTS [Wang 187 

and Christopher, 2006; Wang et al., 2006]. Aerosol characterization within FL-RTS is 188 

based on the Optical Properties of Aerosols and Clouds (OPAC) based on Hess et al. 189 

[1998]. 190 

2.2.1 The FL-RTS 191 

The FL-RTS is a plane-parallel radiative transfer model [Fu and Liou, 1993] that 192 

computes upwelling and downwelling radiative fluxes at specified, discrete locations 193 

within an atmospheric column.  The FL-RTS divides the radiation spectrum into six 194 

broadbands in the shortwave (SW) part (0.2-4 μm), with the first bands (0.2-0.7 μm) 195 

being subdivided into ten subbands. The longwave (LW) part of the spectrum (4-37.5 196 

μm) is subdivided into twelve broadbands. Gaseous absorption characteristics within 197 

these bands are computed using the correlated k-distribution method [Fu and Liou, 1992]. 198 

A delta function is used to model the forward scattering by clouds and aerosols. The FL-199 

RTS provides the option to be configured either in the two or four stream mode for 200 

radiative flux computations. Fu and Liou [1993] show that the FL-RTS irradiance 201 

estimates are within 0.05% of line-by-line calculations. 202 
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2.2.2 The OPAC Aerosol Types  203 

The OPAC is a software package for specifying optical properties of clouds and 204 

aerosols as a function of wavelength. Single scattering albedo (ωo), asymmetry parameter 205 

(g) and extinction coefficient (βext), for individual aerosol components and aerosol types 206 

(mixture of components), are available at 61 wavelengths between 0.25 and 40 μm and at 207 

eight relative humidity values between 0–99%. These optical properties along with 208 

vertical distribution information are needed to specify aerosol radiative interactions in the 209 

model. The OPAC assumes a lognormal size distribution for aerosols and optical 210 

properties of individual components are computed assuming number concentrations of 1 211 

cm-3 and therefore require appropriate scaling for differing situations. Aerosol types in 212 

OPAC range from clean and polluted continental conditions to Arctic and Antarctic types 213 

which are composed of specific mixes of individual components. The OPAC aerosol 214 

types utilized in this study, namely Urban and Desert types differ both in composition 215 

and microphysics (Table 2). Urban aerosol types have relatively high number 216 

concentrations of water soluble and soot components, but smaller particle sizes in 217 

comparison to desert aerosol types dominated by accumulation and coarse mode mineral 218 

components (see Table 2). This study specifically focuses on Urban and Dust aerosol 219 

types since prior studies report substantial SLWRF associated with these aerosol types 220 

and thus the potential to impact SNBL evolution. The other two aerosol types considered 221 

in study are essentially OPAC aerosol types modified to conform to characteristics of 222 

urban aerosols observed over Pune and New Delhi, India, as reported in Panicker et al. 223 

[2008] and Singh et al. [2005]. The aerosol type for Pune, India, valid for the time period 224 

December 2003 through January 2004, is the OPAC Urban type with the number density 225 
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of the components modified (Table 2) to match the observed AOD, Single Scattering 226 

Albedo (SSA) and Asymmetry Parameter (ASP). Using a similar approach, Singh et al. 227 

[2005] found the pre-monsoon aerosol characteristics to be a mixture of the OPAC Urban 228 

and Desert aerosol types (Table 2).  229 

2.2.3 Calculation of Aerosol Optical Thickness 230 

Aerosol Optical Depth (AOD) is computed following Hess et al. [1998] by 231 

assuming exponentially decreasing number concentrations with height as given by 232 

equation 1: 233 

                                              H
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where λ is the wavelength, RH is relative humidity. For each aerosol type, OPAC outputs 241 

βext at z = 0, computed using specified number concentrations of individual components.  242 

OPAC specifies the total physical thickness of Urban and Desert aerosol layers as 2 and 6 243 

km and the scale heights to be 8 and 2 km respectively. Based on these parameters, the 244 

computed values of AOD at 0.55 μm and 80% RH for Urban and Desert aerosol types are 245 

0.643 and 0.286, respectively. The OPAC Urban AOD is consistent with values over 246 
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polluted regions in Africa, India, and China [Ramanathan et al., 2001b; Smirnov et al., 247 

2002; Pandithurai et al., 2007]. Since OPAC provides the optical properties only at eight 248 

discrete RH values, linear interpolation is used to determine aerosol optical properties at 249 

other RH values. Note, in addition to the mixed layer aerosol types, OPAC also suggests 250 

the use of a background aerosol type for the free troposphere (τ ~ 0.013), stratospheric 251 

aerosol layer (τ ~ 0.005), and if applicable, a transported mineral aerosol layer (τ ~ 252 

0.097). In this study, only the impact of the boundary layer aerosols is considered and the 253 

effect of other categories is ignored. 254 

2.3 Numerical Model Configuration 255 

Numerical experiments consist of 1D simulations of atmospheric boundary layer 256 

development over a 48-hour period starting from initial conditions characterized by 257 

evening radiosonde observations.  A pseudo one-dimensional configuration of RAMS to 258 

simulate atmospheric boundary layer development using a domain of 5 × 5 grid points is 259 

used with cyclic boundary conditions along the lateral boundaries. A sufficiently large 260 

grid spacing of 10 km in the x and y directions is utilized so that the model is incapable 261 

of resolving large eddies.  Vertical grid structure, surface characteristics, and other 262 

relevant information are provided in Table 3. 263 

For the CASES-99 case days, when the soil model is directly initialized using soil 264 

moisture observations, model-simulated latent heat fluxes are negligible compared to 265 

observations. Latent heat flux observations are not negligible however, and thus suggest 266 

that while the local soil moisture observations in the 0–25 cm layer are dry, it may not be 267 

reflective of large-scale conditions.  Therefore the soil moisture content in this layer was 268 

systematically altered until close agreement was obtained between observations and 269 
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model-simulated sensible and latent heat fluxes, 2 m temperature, and relative humidity.  270 

The altered soil moisture profile was utilized in all the other experiments.  271 

In the urban site experiments (U5-U6), soil moisture and temperature 272 

observations are not available and therefore information from the National Center for 273 

Environmental Prediction (NCEP) Reanalysis dataset was utilized to initialize the soil 274 

model. Note that the soil moisture values from the NCEP Reanalysis are average 275 

conditions for 2.5 × 2.5 degree grid cell.  Similar to C1 experiment, the soil moisture was 276 

adjusted until there was relatively good agreement between the observed 2 m temperature 277 

and relative humidity is obtained for U5 and U6 experiments.  278 

3 Results 279 

The sensitivity analyses discussed in the following sections utilize specific days 280 

from CASES-99 (21-22 October 1999). Additional experiments conducted for the time 281 

period 23-25 October 1999 CASES-99 days yielded similar results and thus are excluded 282 

for brevity.  283 

3.1 Comparison of the CASES-99 Control Simulation to Observations 284 

Observations of downwelling solar radiation (Figure 1a) show the presence of 285 

clouds in the time period centered around local solar noon on both 21 and 22 October 286 

1999 making comparisons to model simulations complicated. Cloud cover appears to be 287 

more optically thick and persistent on 21 October when compared to 22 October. 288 

Comparison to observations on the 22 October shows the FL-RTS generally 289 

overestimating the downwelling shortwave with a maximum difference of 61 W m-2. 290 

During the late afternoon hours for both days, when clouds are not present, mean error 291 



 

 13

between model simulation and observations is approximately 5%, slightly higher than the 292 

than the 3% error estimated by Christopher et al. [2003].   293 

Downwelling longwave radiation at the surface (Figure 1b) from FL-RTS 294 

compare well with observations during both nights (differences of less than 2%), while 295 

there are considerable differences during the first day (maximum of 18%). Significant 296 

daytime differences during the first day may be related to the presence of clouds. During 297 

the second night, there is again close agreement between model and observations with 298 

differences averaging less than 2%. During the second day, there is better agreement 299 

between the simulation and observations during the morning hours, but larger deviations 300 

in the afternoon. However, note that there was a frontal passage through the area at this 301 

time which the model does not capture. 302 

There is good agreement between the observed and model-simulated upwelling 303 

longwave radiation from the surface (Figure 1c), except during the afternoon hours of the 304 

second day when the frontal passage occurred. Simulated patterns of surface sensible and 305 

latent heat fluxes (Figure 1d,1e), though very similar to observations, lag the observations 306 

by approximately half an hour. The heat and moisture fluxes show significant variability 307 

during the first day due to cloudiness. During the second day, the variability is much less 308 

and the maximum amplitudes of observed and simulated patterns of sensible and latent 309 

heat fluxes differ by ~40 W m-2 and 15 W m-2 respectively. The RAMS simulations of 310 

temperature and humidity patterns are also consistent with observations during the first 311 

day, but differ during the second day due to frontal passage. 312 
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3.2 Radiative Impact of Urban Aerosols and Doubled Carbon Dioxide 313 

While top-of-atmosphere shortwave and longwave radiative forcing metrics are 314 

utilized in Earth radiation budget studies, radiative forcing at the surface is the metric that 315 

is most relevant for this study. For given land surface conditions, the surface air 316 

temperature, heat, and moisture fluxes to the atmosphere are most sensitive to net 317 

radiative energy available at the surface. Thus surface shortwave and longwave radiative 318 

forcing are the appropriate metrics for analyzing the impact of atmospheric aerosols on 319 

boundary layer development and will be utilized in the analysis of the experiments 320 

conducted in this study.  321 

In the shortwave part of the spectrum, when comparing the control (C1), urban 322 

aerosol (U1) and doubled CO2 experiments (X2), significant differences are observed 323 

only between the C1 and U1 experiments (Figure 2a). The downwelling shortwave 324 

radiation at the surface is significantly reduced in the U1 experiment, with differences of 325 

up to 123 W m-2 occurring at the local solar noon hour. Since carbon dioxide is not a 326 

major absorber in the shortwave, there is very little difference in the downwelling 327 

shortwave flux at the surface between the X2 and C1 experiment.  328 

However in the longwave there are significant differences between the U1, X2, 329 

and the C1 experiment (Figure 2b). During the first night, both U1 and X2 show 330 

enhancement in downwelling longwave of approximately 3.0 W m-2 compared to the C1 331 

experiment. During the second night, the enhancement in downwelling longwave in the 332 

U1 simulation reduces to ~2.2 W m-2. This reduction during the second night is related to 333 

reduced water vapor loading in the U1 simulation due to attenuation of downwelling 334 

shortwave radiation leading to less evaporation and transpiration. The nocturnal 335 

enhancement in downwelling longwave radiation is within the range (2.5 to 16 W m-2) 336 
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reported by prior studies [Estournel et al., 1983; Jacobson, 1997; Panicker et al., 2008; 337 

Zdunkowski et al., 1976], closer to lower limits. The nighttime differences in 338 

downwelling longwave between U1 and X2 are minimal during the first night (~0.1–0.2 339 

W m-2) and are more significant during the second night (~1 W m-2).  During the daytime, 340 

the differences in downwelling longwave between the C1 and U1 simulations are 341 

significantly greater with a maximum value of approximately 4.5 W m-2 reflecting 342 

differing vertical distributions of aerosols and carbon dioxide. Note that the urban 343 

aerosols are confined to the lowest 2 km while carbon dioxide is assumed to be well 344 

mixed through the depth of the model atmosphere. Thus, under clear-sky conditions, 345 

carbon dioxide is able to better absorb and reradiate enhanced longwave emissions from 346 

the surface and the PBL during the daytime.  347 

3.3 Impact of Urban Aerosols and Doubled Carbon Dioxide on Surface Air 348 
Temperature 349 

In the CASES experiments, enhancement in nocturnal downwelling longwave 350 

radiation due to urban aerosol loading and doubling of carbon dioxide leads to an 351 

increase in surface air temperature during the first night (Figure 2c). The nocturnal 352 

minimum is increased by ~0.38°C and 0.3°C during the first night in U1 and X2 353 

experiments, respectively. During the first day of the simulation, significant reduction of 354 

downwelling shortwave radiation at the surface is accompanied by reduction in daytime 355 

surface air temperature in the U1 experiment with a maximum difference of ~2°C 356 

occurring in the afternoon (Figure 3). The surface air temperature in the X2 simulation 357 

shows a very small increase when compared to the C1 simulation, with a maximum 358 

difference of less than 0.16°C (Figure 3) occurring in the afternoon. Note that the small 359 
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increase in daytime surface air temperature in the X2 experiment is primarily due to 360 

enhancement in downwelling longwave radiation at the surface. 361 

The impact of doubled carbon dioxide on surface air temperature during the 362 

second night is very similar to that found during the first night. The solutions of surface 363 

air temperature are similar in both the C1 and X2 simulations, but start diverging later in 364 

the night with the surface air cooling at a faster rate in the C1 simulation. Nocturnal 365 

minimum temperature in the C1 simulation is smaller that that found in the X2 simulation 366 

by ~0.35°C. The net effect of doubled carbon dioxide on the surface air temperature cycle 367 

is reduction of DTR (Figure 3), with the increase in the nocturnal minimum more than 368 

compensating for the negligible increase in the daytime maximum temperature. 369 

However, the behavior of the U1 simulation is considerably different on the 370 

second night. The surface air temperature in the U1 simulation is initially cooler 371 

compared to the C1 simulation, but the solutions converge to similar values at early 372 

morning hours. Note that, unlike the first night, where the initial surface temperature was 373 

the same for both the C1 and U1 simulations, the surface temperature is initially cooler in 374 

the U1 simulation (Figure 2d). The surface temperatures in the U1 and C1 simulations 375 

converge during the early morning hours. These patterns (Figure 2c, 2d) suggest that 376 

daytime cooling of the surface during the first day leads to cooler surface air temperature 377 

going into the second night and that the enhancement in downwelling longwave radiation 378 

at the surface in the U1 simulation causes the nocturnal minimum temperature to be the 379 

same as that in the C1 simulation. This is verified by the U2 simulation, where the 380 

aerosol optical depth is set to zero at nighttime, which shows that without the longwave 381 

enhancement (Figure 4a), surface air temperature remains cooler compared to the C1 382 
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simulation (Figure 4b), yielding lower nocturnal minimum temperatures (Figure 3) and 383 

increase in DTR of ~0.66°C (Figure 3). RAMS simulation experiments show that the 384 

impact of urban aerosols is to reduce the DTR by reducing the daytime maximum and by 385 

increasing the nocturnal minimum temperature. 386 

4 Discussion 387 

RAMS simulations show that heavy aerosol loading and characteristics of 388 

conditions in polluted regions around the globe such as India and China, have a 389 

significant impact on surface air temperature and the radiation budget. Nocturnal SLWRF 390 

due to heavy urban aerosol loading and direct radiative effects of doubled atmospheric 391 

carbon dioxide at local scales are comparable for the cases considered in this study (see 392 

section 3.2). Therefore, on a local scale, urban aerosols have the potential to impact 393 

nocturnal boundary layer temperature. Since many of the temperature observations 394 

around the globe used in the DTR trend analysis are made in urban settings, the local 395 

effects may have a significant impact on such trends. 396 

This study illustrates that the response of the SNBL surface air temperature to 397 

perturbations in the surface radiation budget is disproportionate when compared to the 398 

convective boundary layer (CBL). Nocturnal boundary layer processes and their 399 

sensitivity to changes in both radiation input and surface properties are relevant to 400 

interpreting trends in surface air temperature and DTR. Note that a nocturnally averaged 401 

radiative forcing of 3.2 W m-2 resulted in an average surface air temperature increase of 402 

0.22°C during the first night in the U1 experiment, while a daytime average radiative 403 

forcing of –84 W m-2 leads to an average daytime surface air temperature cooling of 404 



 

 18

1.5°C. The sensitivity of surface air temperature to perturbations in downwelling 405 

radiation (δ) due to urban aerosol loading may be quantified as: 406 

                                                      
↓Δ

Δ=
F
Taδ                                                           (3) 407 

where aTΔ  and ↓ΔF are average differences in surface air temperature and average 408 

forcing of downwelling radiation at the surface due to urban aerosol loading. The δ 409 

values computed separately for NBL (δNBL) and CBL (δCBL) occurring during the first 24 410 

hours of the U1 simulation yields values of 0.068 and 0.018 K/W m-2. Thus the sensitivity 411 

of the SNBL surface air temperature to SLWRF radiative forcing from urban aerosol 412 

loading is 3.7 times more than that of the CBL.  This difference in sensitivity is largely 413 

due to the differences in depth of the CBL and NBL. Walters et al. [2007] examined 414 

temperature sensitivity of NBL to arbitrarily prescribed SLWRF using a two- layer 415 

atmosphere and found a sensitivity of about 0.12 K/W m-2 in the light wind very stable 416 

NBL and about 0.04 K/W m-2  in the weakly stable NBL (see discussion and Figure 7 417 

below). Thus, the results of this more complete boundary layer model are in keeping with 418 

the simple model employed by Walters et al. [2007].  The additional downward radiation 419 

at the surface at night is smaller due to the radiating temperature of the lower part of the 420 

atmosphere thus the actual increase downward radiation due to aerosols is larger than this 421 

net change. However, the smaller depth of the NBL confines this heating to a smaller 422 

depth [Walters et al., 2007] leading to a larger temperature response and thus sensitivity.  423 

In the specific cases considered in this study, the magnitude of daytime reduction 424 

in surface air temperature dominates over the nocturnal warming leading to overall 425 

cooling effect. However, the overall effect could be different depending on several 426 
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factors, including aerosol optical characteristics, diurnal variations in column loading and 427 

vertical distribution, and nocturnal boundary layer dynamics. For example, in the model 428 

simulations of Jacobson [1997] over the Los Angeles Basin, urban aerosols with 429 

differing optical characteristics caused a daytime cooling of 0.08 K, a maximum 430 

reduction in shortwave of 55 W m-2 (150 W m-2 in the present study), nocturnal warming 431 

of 0.77 K and maximum nocturnal longwave enhancement of 13 W m-2 (4.0 W m-2 in the 432 

present study). Other studies also report larger magnitudes for nocturnal enhancement of 433 

longwave in the presence of urban aerosols [Estournel et al., 1983; Panicker et al., 2008; 434 

Welch and Zdunkowski, 1976]. The study also examined the impact of other OPAC 435 

aerosol models on boundary development and found desert aerosols to be the only type 436 

capable of producing longwave forcing similar to Jacobson [1997]. The D1 simulation, 437 

where the OPAC desert aerosol optical model is used, shows a nocturnal downwelling 438 

longwave radiation increase of 9 W m-2 (Figure 2b) leading to nocturnal surface air 439 

temperature increases of more than 1 K and a depression in DTR of ~1.6°C (Figure 4b). 440 

Differences in nocturnal surface air temperature evolution between the first and 441 

second nights in the U1 simulation (Figure 2c) resulting from differing amounts of 442 

daytime surface heating, suggest that diurnal variations in aerosol column loading and 443 

vertical distribution are important factors in determining the overall impact on DTR and 444 

average surface air temperature. Constant aerosol composition and number 445 

concentrations are assumed in the aerosol experiments used in this study and the temporal 446 

variations in aerosol optical depth is solely due to the hygroscopic effect (Figure 6). 447 

However, in reality, time-varying emissions and atmospheric circulation patterns lead to 448 

diurnal asymmetries in aerosol composition, number concentrations and vertical 449 
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distribution [Allen et al., 1999; Dorsey et al., 2002; Guasta, 2002; Mårtensson et al., 450 

2006; Pandithurai et al., 2007; Smirnov et al., 2002]. Diurnal variation patterns of AOD, 451 

where it is substantially higher during the early morning and late evening hours compared 452 

to midday [Pandithurai et al., 2007], would lead to a reduction in cooling during daytime 453 

and enhancement in nighttime warming. Enhancement in nighttime warming is also 454 

expected for scenarios where there is an increase in black carbon concentrations during 455 

the early morning hours [Allen et al., 1999] due to increased emissions from traffic and 456 

trapping of aerosols. Other sites such as Mexico City [Smirnov et al., 2002] exhibit 457 

patterns where the AOD increases during the afternoon hours thereby enhancing the 458 

cooling effect of aerosols. The U3 simulation, in which the daytime AOD is reduced by a 459 

factor of one-half, was used to examine the impact of the diurnal variation of AOD on 460 

surface air temperature. Note that the U3 crudely mimics the AOD diurnal variation 461 

reported by Pandithurai et al. [2007], where the AOD during the early morning or late 462 

afternoon hours differs from midday values by a factor of two. Compared to the U1 463 

simulation, the U3 simulation shows an increase in nocturnal surface air temperature 464 

(Figure 5) with the nocturnal minimum temperature during the second night being higher 465 

by ~0.18°C (Figure 3). However, the DTR in U3 simulation is higher by ~0.79°C due to 466 

increase in incoming shortwave compared to the U1 simulation (Figure 3). 467 

Relative humidity enhancement in NBL also creates diurnal asymmetries in AOD 468 

as hygroscopic aerosols respond to a nighttime increase of RH and swell (Figure 6). The 469 

impact of hygroscopic swelling in NBL is often insubstantial as the RH increase is 470 

confined to a very shallow layer (<100 m), with the maximum swelling of the aerosols 471 

occurring at the lowest model level (Figure 6). However, in situations where there are 472 
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substantial emissions of aerosols into the NBL, significant day-night differences in 473 

vertical distribution of aerosols exist [Guasta, 2002] and the hygroscopic effect could be 474 

important depending upon aerosol composition. 475 

The magnitude of δNBL, and thus response of DTR and mean surface air 476 

temperature to aerosol radiative forcing, is strongly dependent on NBL dynamics [Dai 477 

and Trenberth, 2004; Pielke and Matsui, 2005; Walters et al., 2007]. A recent study by 478 

Walters et al. [2007] used nonlinear analysis techniques to examine the sensitivity of the 479 

stable nocturnal boundary layer (SNBL) to perturbations in incoming longwave radiation 480 

and surface characteristics. Walters et al. [2007] found perturbations that decrease NBL 481 

stability lead to significant increases in surface temperature. Increase in turbulence that 482 

accompany the decrease in NBL stability lead to mixing of warm air from aloft causing 483 

rapid, significant changes in surface air temperature. Average longwave nocturnal 484 

radiative forcing of 3.0 W m-2 found in U1 simulations is within the range of 485 

perturbations found by Walters et al. [2007] to be capable of substantially altering the 486 

surface air temperature in the NBL through destabilization. However, the present study 487 

may not likely fully capture the destabilization of the NBL as reported by Walters et al. 488 

[2007] since the destabilization only occurs when the NBL is near a threshold of 489 

transitioning between a strongly stable NBL and weakly stable NBL. Figure 7, created 490 

using the bifurcation diagram techniques reported in Walters et al. [2007] illustrates this 491 

potential transition. Under light winds (Figure 7a) the additional downward radiation 492 

produces an increasing temperature in the NBL with a slope (or sensitivity as discussed 493 

above) of about 12 K/W m-2. Under strong winds, when the NBL depth is greater, the 494 

simple model indicates less sensitivity. However, at intermediate winds, the temperature 495 
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difference between the two states can be of order 7–9 K and a sensitivity of 0.28–0.36 496 

K/W m-2. Based on the shape of the temperature time series, the first CASES night is 497 

probably within the strongly stable case and the second night not quite as stable. 498 

However, it may be that the roughness and wind speed are not at the transition parameter 499 

space discussed by Walters et al. [2007] which can lead to amplified sensitivity. Thus, it 500 

may be that other nights may be at this transitional threshold. Only a few nights each year 501 

when the aerosols cause the transition to a warmer boundary layer may produce a larger 502 

climatological temperature difference than reported here. 503 

Soil moisture impacts the partitioning of net radiation received at the surface and 504 

thus plays an important role in the diurnal evolution of surface air temperature. Since the 505 

soil moisture determines the amount of water vapor added to the boundary layer during 506 

the day, it also modulates the aerosol radiative longwave radiative forcing. In order to 507 

examine the impact of soil moisture on aerosol nocturnal longwave radiative forcing, the 508 

C1 and U1 simulations were repeated with soil saturation increased uniformly throughout 509 

the depth of the soil layer to 70%, referred hereon as C2 and U4 simulations. Differences 510 

in downwelling longwave radiation between C2 and U4 (Figure 8a) during the second 511 

night are significantly smaller compared to differences found in the C1 and U1 512 

simulations (Figure 2b). The decrease in nocturnal radiative forcing occurs in the higher 513 

soil moisture situation because the C2 simulation develops a substantially moister 514 

boundary layer compared to the U3 simulation during the first day. Enhancement of 515 

water vapor in the C2 simulation leads to an increase in downwelling longwave radiation 516 

partially offsetting the increase in downwelling longwave radiation in U3 from aerosol 517 

loading resulting in a smaller nocturnal SLWRF. Interestingly, comparison of surface air 518 
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temperature between the C2 and U4 simulations show slight nocturnal warming in the U4 519 

simulation during parts of the second night (Figure 8b). The reason for this behavior is 520 

not understood and illustrates the complex nonlinear interactions exhibited by the NBL 521 

dynamics. 522 

Of all the experiments considered, the C2 and U4 show the most dramatic change 523 

in DTR when compared to C1 (Figure 3). The difference in DTR between C2, U4, and 524 

C1 are –7.3 and –8.4°C while the DTR differences between other experiments and C1 are 525 

in the range –0.2 to –2°C. When compared to C1, even though the daytime maximum 526 

temperature in the C2 and U4 experiments are reduced by more than –5.9°C, the 527 

nocturnal minimum temperature is higher in C2 and U4 by more than 1.2°C. The reason 528 

for this strong nocturnal warming, despite strong surface air cooling during the daytime, 529 

is due to a combination of factors including increased soil heat capacity and bare soil 530 

emissivity and an increase in boundary layer moisture during the second day. The impact 531 

of enhanced boundary layer moisture in the C2 and U4 experiments is obvious during the 532 

second night when the maximum differences in downwelling longwave radiation between 533 

both these experiments and C1 exceed 6 W m-2. Christy et al. [2006] found an increasing 534 

trend in the nocturnal minimum temperature in irrigated regions of central California and 535 

suggested changes in soil heat capacity and enhanced water vapor concentration in the 536 

boundary layer as possible reasons. The C2 and U4 experiments in this study do indeed 537 

support this hypothesis. 538 

The validity of results obtained from the sensitivity analysis for CASES-99 days 539 

is further tested in numerical experiments U5 (Pune, 19-21 January 2005) and U6 (Delhi, 540 

30 May 2003) where urban land surface characteristics and aerosol optical characteristics 541 
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deduced from observations are imposed.  For the Pune site, the U5 and C3 experiments 542 

show nocturnal SLWRF of ~4.7 W m-2 and 2.7 W m-2 during the first and second night 543 

respectively (Figure 9a) which is not substantially different that that found for CASES-99 544 

sensitivity analysis. Comparison of the U6 and C4 experiments for the Delhi site show 545 

nocturnal SLWRF of 28.5 W m-2 and 29.7 W m-2 during the first and second night 546 

respectively (Figure 9c), which is significantly higher than that found in all the other 547 

experiments.  Note that the higher values of nocturnal SLWRF for the Delhi site is partly 548 

due to substantially higher surface temperatures compared to other experiments.  The 549 

response of 2 m temperature to urban aerosol SLWRF at the Pune site is an increase in 550 

nocturnal minimum of 0.51°C and 0.12°C during the first and second nights respectively 551 

and a decrease in DTR of 0.72°C (Figure 9b).  At the Delhi site, the SLWRF leads to an 552 

increase in nocturnal minimum of 1.14 °C and 1.69°C during the first and second nights 553 

respectively and a decrease in DTR of 3.07 °C (Figure 9d).  Note the experiments were 554 

repeated for five other selected days selected for each of the urban sites with similar 555 

results.  These experiments show that there is considerable variability in the magnitude of 556 

nocturnal SLWRF resulting from urban aerosols, compensating for the daytime cooling at 557 

the minimum (Figure 9b, Figure 9d) or causing significant nighttime warming on the 558 

extreme. 559 

Note that the numerical modeling experiments exhibit differing responses of 560 

SLWRF and nocturnal warming to variations in aerosol microphysics and composition. 561 

The composition and microphysics of aerosols in the U1 experiment are such that it 562 

substantially impacts both the downwelling shortwave and longwave radiation.  Water 563 

soluble aerosols components (nitrates and sulfates) in the U1 experiment, with smaller 564 
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particle size and large number concentrations, lead to significant reduction in daytime 565 

downwelling shortwave due to scattering. The soot aerosol component (black carbon) in 566 

U1 experiment contributes to absorption in both shortwave and longwave part of the 567 

spectrum.  In contrast, the coarse mode mineral component with larger particle sizes in 568 

the D1 and U6 experiments are substantially more effective absorbers of longwave 569 

radiation and leads to higher values of SLWRF that overwhelm the cooling caused the 570 

daytime reduction in downwelling shortwave radiation. 571 

The numerical experiments considered in this study show a complex response of 572 

diurnal surface air temperature variation to urban atmospheric aerosol loading (Figure 3). 573 

It is essential to consider aerosol impacts when interpreting surface temperature records 574 

in areas such as China, India, and Africa. However, accounting for the aerosol 575 

contribution is difficult since the surface air temperature response is dependent on spatial 576 

and temporal variations in aerosol concentration, optical characteristics, and is also 577 

modulated by other factors such as soil moisture, land surface characteristics, etc.  578 

5 Conclusions 579 

Aerosol radiative forcing plays an important role on the boundary layer 580 

development and surface temperature evolution. In the context of global climate change, 581 

there is considerable interest on the role of aerosols in the climate system especially 582 

surface temperature. Previous focus of the research effort in this area has been on 583 

shortwave radiative forcing with little attention paid to the impact of longwave radiative 584 

forcing which may be amplified through nocturnal boundary layer dynamics. Since there 585 

is a disproportionate nocturnal contribution to warming trends detected in surface 586 

temperature records [Karl et al., 1993], it is important to understand the impact of aerosol 587 
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radiative forcing on nocturnal boundary layer development. This study uses two typical 588 

cases of SNBL from the CASES-99 field experiment to examine the impact of urban 589 

aerosol radiative forcing on SNBL. For the case study days considered in this study, it is 590 

found that: 591 

1. Urban aerosols have a nocturnal downwelling longwave radiative forcing impact 592 

at the surface similar to that from doubled atmospheric carbon dioxide at local 593 

scales. Enhanced nocturnal downwelling longwave from urban aerosols 594 

compensate for the daytime cooling due to a reduction in downwelling solar 595 

radiation. When diurnal variations in AOD are minimal, urban aerosols maintain 596 

the nocturnal minimum surface air temperature the same as that found for clear 597 

atmosphere even though the daytime maximum is higher for clear sky conditions. 598 

2. Sensitivity of surface air temperature to radiative forcing is higher by a factor of 599 

more than three in the NBL compared to CBL since the energy changes impact a 600 

shallower layer during the nighttime. 601 

3. Aerosol radiative characteristics and diurnal asymmetries in AOD play an 602 

important role in determining the overall impact of aerosols on surface air 603 

temperature.  604 

4. An increase in downwelling longwave radiation at the surface caused by urban 605 

aerosols is of sufficient magnitude to cause destabilization of the marginally 606 

stable NBL and significant surface air temperature fluctuations from enhanced 607 

vertical mixing as suggested by Walters et al. [2007]. 608 

5. The impact of urban aerosol longwave radiative forcing is strongly modulated by 609 

soil moisture. SLWRF due to urban aerosols decreases for conditions of higher 610 
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soil moisture. This is because with higher soil moisture conditions, the boundary 611 

layer water vapor content is enhanced under clear sky conditions, leading to an 612 

increase in downwelling longwave at the surface. 613 

In order to understand the impact of urban aerosols on surface air temperature and 614 

DTR, detailed knowledge regarding diurnal variation of aerosol characteristics including 615 

vertical distribution, optical properties, and column loading are needed. Further modeling 616 

studies are necessary to examine the impact of aerosol radiative forcing on the marginally 617 

stable NBL. Once the NBL conditions most sensitive to urban aerosol radiative forcing 618 

are identified, the frequency of occurrence of such conditions needs to be determined 619 

from observations. Such analysis will allow quantification of the aerosol radiative forcing 620 

contribution to observed nocturnal warming trends.  621 
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Figure Legends 805 

Figure 1. Comparison between observations (black line) and C1 simulation (red line) of: 806 

a) downwelling shortwave; b) downwelling longwave; c) upwelling longwave; d) 807 

sensible heat flux; e) latent heat flux; f) surface air temperature; and g) relative 808 

humidity. 809 

Figure 2. Comparison between C1 (red), D1 (green), U1 (blue), and X2 (black) 810 

simulations. a) downwelling shortwave; b) downwelling longwave; c) surface air 811 

temperature; and c) upwelling longwave. 812 

Figure 3.  Diurnal temperature range (open triangle), maximum (solid square) and 813 

minimum (open circle) temperatures for the different experiments. The values are 814 

valid for the time period including the first day and the second night. 815 

Figure 4. Comparison between C1 (red) and U2 (blue) simulations for a) downwelling 816 

longwave at the surface and b) surface air temperature. 817 

Figure 5. Comparison between C1 (red) and U3 (blue) simulations for a) downwelling 818 

longwave at the surface and b) surface air temperature. 819 

Figure  6. Diurnal variation of aerosol extinction coefficient in the infrared (10.2-12.5 820 

μm) in the U1 experiment at the first model level (solid line) and averaged for the 821 

atmospheric column in the lowest 100 m. 822 

Figure 7. Bifurcation diagrams with enhanced downward radiation from aerosols as the 823 

bifurcation parameter (x axis) and boundary layer potential temperature as the 824 

response variable (y axis) plotted along the x axis and the boundary layer 825 

potential temperature. Line colors give roughness length:  green – z0=0.1 m, red – 826 

z0 = 0.25 m, pink - z0 = 0.5 m, blue - z0 = 1.0 m. (a) Bifurcation diagram for a 827 
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geostrophic wind speed of 3 m s-1. (b)  Bifurcation diagram for a geostrophic 828 

wind speed of 7 m s-1. (c) Bifurcation diagram for a geostrophic wind speed of 10 829 

m s-1. 830 

Figure 8. Comparison between C2 (red) and U4 (blue) simulations for a) downwelling 831 

longwave at the surface and b) surface air temperature. 832 

Figure 9. Diurnal variation of: a) downwelling longwave radiation in U5 (black) and C3 833 

(red) experiments; b) 2 m temperature, in U5 (black), C3 (red) and 3 hourly 834 

observations (back dots); c) same as (a) except for U6 and C4 experiments and; d) 835 

same as (b) except for U6 and C4 experiments. 836 

 837 
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TABLES 838 
 839 
 840 

Aerosol Model 

Composition 
0.55 μm AOD (80% 

relative humidity) Component 
Number 
Density  
(cm-3) 

Mode 
radius 
(μm) 

Urban 
Water Soluble  28,000 0.0212 

0.643 Insoluble 1.5 0.471 
Soot 130,000 0.0118 

Urban  
[Panicker et al. 

2008] 

Water Soluble  0.0212 
0.347 Insoluble  0.471 

Soot  0.0118 

Urban [Singh et 
al. 2005] 

Soot 130,000 0.0118 

0.863 

Water Soluble 10,000 0.0212 
Mineral, 

Nucleation Mode 269.5 0.07 

Mineral, 
Accumulation 

Mode 
5.050 0.39 

Mineral, Coarse 
Mode 3.850 1.90 

Desert 

Water Soluble 0.018 0.0212 

0.286 

Mineral, 
Nucleation mode 0.033 0.07 

Mineral, 
Accumulation 

mode 
0.747 0.39 

Mineral, Coarse 
mode 0.202 1.90 

 841 
Table 1.  Composition of aerosol models used in the study.  Lognormal distribution is 842 
assumed for aerosol model components whose subcomponents are as follows: Water 843 
Soluble: Mixture of sulfates, nitrates and organics; Insoluble: Mixture of soil particles 844 
and organic material; Soot: Black carbon; Mineral: Mixture of quartz and clay [Hess et 845 
al., 1998]. 846 
 847 
 848 
 849 
 850 
 851 
 852 
 853 
 854 
 855 
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 856 
Experiment 

Name 
Description 

C1 1D simulation initialized using CASES-99 radiosonde observation 
acquired at 0 UTC on 21 Oct 1999. Clear atmosphere and carbon dioxide 
concentration of 370 ppm (average value for 1999) are used. 

U1 Same as C1 except for the assumption of urban aerosol loading. 

U2 Same as U1 except for the assumption of zero nighttime AOD.  

U3 Same as U1 except for the reduction of daytime AOD by a factor of 2. 

X2 Same as C1 except for the assumption of doubling atmospheric CO2 
concentration from present day values to 760 ppm. 

D1 Same as C1 except for the assumption of desert dust aerosol loading. 

C2 Same as C1 except for the assumption of constant soil saturation of 70%. 

U4 Same as U1 except for the assumption of constant soil saturation of 70%. 

U5 Urban land surface characteristics and aerosol optical characteristics 
deduced for Pune [Panicker et al., 2008] 

C3 Same as U5 except for the assumption of an aerosol-free atmosphere. 

U6 Urban land surface characteristics, aerosol optical characteristics deduced 
for New Delhi [Singh et al., 2005]. 

C4 Same as U6 expect for the assumption of an aerosol-free atmosphere. 

 857 

Table 2. Description of the numerical experiments utilized in this study. 858 

 859 

 860 

 861 

 862 

 863 

 864 
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 865 

 866 

Configuration Experiments C1-C2, U1-
U4, D1, X2 

Experiments C3-C4, U5-U6 

Vertical grid spacing at the 
surface 

0.5 m 5 m 

Grid stretch ratio 1.16 1.1 
Maximum vertical grid 
spacing 

500 m 500 m 

Soil Levels (below ground) 0.05, 0.075, 0.15, 0.225, 
0.375, 0.60, 0.90 m. 

0.001, 0.05, 0.1, 0.2, 0.3, 
0.5, 0.7 m 

Soil Type Clay Loam [Chen et al., 
2007] 

C3, U5: Sandy Soil 
C4, U6: Silt Loam [Zobler, 
1999]   

Land use Short grass Urban and built-up 
Diffusion scheme 
[Cotton et al., 2003] 

Vertical: Mellor-Yamada 
Horizontal: Modified 
Smagorinsky 

Vertical: Mellor-Yamada 
Horizontal: Modified 
Smagorinsky 

Initial atmospheric 
conditions 

Radiosonde observations at 
0 UTC (1800 LST) 

Radiosnde observations at 
1200 UTC (1730 LST) 

 867 

Table 3. Numerical model configuration used in the different experiments. 868 

 869 

 870 

 871 
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 872 
Figure 1.  Comparison between observations (black line) and C1 simulation (red line) of: 873 

a) downwelling shortwave; b) downwelling longwave; c) upwelling longwave; d) 874 
sensible heat flux; e) latent heat flux; f) surface air temperature; and g) relative 875 
humidity. 876 
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 877 
 878 
Figure 2. Comparison between C1 (red), D1 (green), U1 (blue), and X2 (black) simulations. a) downwelling shortwave; b) 879 

downwelling longwave; c) surface air temperature; and c) upwelling longwave. Note than in panel a, the differences between 880 
C1 and X2 are negligible and thus the curve for C1 (red) is hidden by the one for X2. 881 

882 
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 883 
 884 
Figure 3.  Diurnal temperature range (open triangle), maximum (solid square), and 885 

minimum (open circle) temperatures for the different experiments. The values are 886 
valid for the time period including the first day and the second night. 887 

 888 
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 889 
 890 
 891 
 892 
 893 
 894 
 895 

 896 
 897 
 898 
 899 
Figure 4.  Comparison between C1 (red) and U2 (blue) simulations for a) downwelling 900 

longwave at the surface and b) surface air temperature. 901 
 902 
 903 
 904 
 905 
 906 
 907 
 908 
 909 
 910 
 911 
 912 
 913 
 914 
 915 
 916 
 917 
 918 
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 919 
 920 
 921 
 922 
 923 
 924 

 925 
 926 
Figure 5.  Comparison between C1 (red) and U3 (blue) simulations for a) downwelling 927 

longwave at the surface and b) surface air temperature. 928 
 929 
 930 
 931 
 932 
 933 
 934 
 935 
 936 
 937 
 938 
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 939 
 940 
 941 
 942 
 943 
 944 

 945 
 946 
 947 
Figure 6.  Diurnal variation of aerosol extinction coefficient in the infrared (10.2–12.5 948 

μm) in the U1 experiment at the first model level (solid line) and averaged for the 949 
atmospheric column in the lowest 100 m. 950 

 951 
 952 
 953 
 954 
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 955 

 956 
Figure 7. Bifurcation diagrams with enhanced downward radiation from aerosols as the 957 
bifurcation parameter (x axis) and boundary layer potential temperature as the response 958 
variable (y axis) plotted along the x axis and the boundary layer potential temperature. 959 
Line colors give roughness length:  green – z0=0.1 m, red – z0 = 0.25 m, pink - z0 = 0.5 960 
m, blue - z0 = 1.0 m. (a) Bifurcation diagram for a geostrophic wind speed of 3 m s-1. (b)  961 
Bifurcation diagram for a geostrophic wind speed of 7 m s-1. (c) Bifurcation diagram for a 962 
geostrophic wind speed of 10 m s-1. 963 



 964 
 965 
 966 
 967 
 968 
 969 

 970 
 971 
Figure 8.  Comparison between C2 (red) and U4 (blue) simulations for a) downwelling longwave 972 

at the surface and b) surface air temperature. 973 
 974 

 975 
 976 
 977 
 978 
 979 
 980 
 981 
 982 
 983 
 984 
 985 
 986 



 987 

 988 
Figure 9. Diurnal variation of: a) downwelling longwave radiation in U5 (black) and C3 (red) experiments; b) 2 m temperature, in U5 989 

(black), C3 (red) and 3 hourly observations (back dots); c) same as (a) except for U6 and C4 experiments and; d) same as (b) 990 
except for U6 and C4 experiments. 991 


